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Abstract 19 

In this study, coupled ocean/atmosphere/land/sea-ice Earth System Model (ESM) simulations 20 

driven separately by sea-ice albedo reduction and by projected greenhouse-dominated radiative 21 

forcing are combined to cleanly isolate the sea-ice loss response of the circulation. A pattern 22 

scaling approach is proposed in which the local multidecadal mean atmospheric response is 23 

assumed to be separately proportional to the total sea-ice loss and to the total low latitude ocean 24 

surface warming. The proposed approach estimates the response to Arctic sea-ice loss with low 25 

latitude ocean temperatures fixed and vice versa. The sea-ice response includes a high northern 26 

latitude easterly zonal wind response, an equatorward shift of the eddy driven jet, a weakening of 27 

the stratospheric polar vortex, an anticyclonic sea level pressure anomaly over coastal Eurasia, a 28 

cyclonic sea level pressure anomaly over the North Pacific, and increased wintertime 29 

precipitation over the west coast of North America.  Many of these responses are opposed by the 30 

response to low latitude surface warming with sea ice fixed. However, both sea-ice loss and low 31 

latitude surface warming act in concert to reduce subseasonal temperature variability throughout 32 

the mid and high latitudes. The responses are similar in two related versions of the National 33 

Center for Atmospheric Research earth system models, apart from the stratospheric polar vortex 34 

response. Evidence is presented that internal variability can easily contaminate the estimates if 35 

not enough independent climate states are used to construct them. 36 

 37 

 38 

 39 

 40 
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1. Introduction 41 

  The rapid retreat of Arctic sea ice (Stroeve et al. 2012) has motivated a number of studies 42 

examining how sea-ice loss in isolation might impact the atmospheric general circulation. Model 43 

simulations can be used to address this fundamental research question in light of the short 44 

observational record, internal climate variability, and the difficulty of isolating sea-ice variability 45 

from other processes (e.g. Magnusdottir et al. 2004, Deser et al. 2004, Chiang and Bitz 2005). In 46 

modeling studies, the most robust and intuitive response to sea-ice loss is local warming and 47 

increased turbulent heat and moisture flux ocean into the atmosphere (e.g. Deser et al. 2010; 48 

Screen et al. 2013) driving strong Arctic amplification (Holland and Bitz 2003; Screen and 49 

Simmonds 2010; Screen et al. 2012). Many studies find a decrease in strength and an 50 

equatorward shift in the jet stream in response to reduced sea ice (e.g. Peings and Magnusdottir 51 

2014; Deser et al. 2015, 2016). Other less robust circulation responses include a high pressure 52 

response over Northern Eurasia that causes regional dynamical cooling in East Asia (e.g. Honda 53 

et al 2009; Liu et al. 2012; Mori et al. 2014) and a weakening of the stratospheric polar vortex 54 

(e.g. Peings and Magnusdottir 2014; Kim et al. 2014). Beyond impacts on the mean circulation, a 55 

decrease in temperature variability on subseasonal timescales due to the reduced meridional 56 

temperature gradient and increased maritime influence is also found (Screen et al. 2015; 57 

Blackport and Kushner 2016), although some measure of subseasonal variability are found to 58 

increase in some studies (e.g. Peings and Magnusdottir 2014). 59 

Some of the more recent cited studies have shown that sea-ice loss in models with a full 60 

dynamical ocean component contributes to a moderate global warming signal (Deser et al. 2015, 61 

2016; Blackport and Kushner 2016). Some aspects of the signal can be attributed to 62 

thermodynamic and dynamical changes in the ocean (Deser et al. 2016; Tomas et al. 2016) 63 
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through experiments with prescribed sea surface temperatures and a slab ocean model that can be 64 

compared to simulations with a full ocean model. These studies show that the global warming 65 

signal is directly induced by polar warming, is spread through the climate system by the ocean-66 

atmosphere circulation, and is amplified by water vapour greenhouse feedbacks. Although this 67 

global warming signal is small, the associated atmospheric changes outside the polar regions are 68 

difficult to disentangle from the direct impact of the sea-ice loss. 69 

The purpose of the cited sea-ice loss experiments is to isolate changes associated with 70 

sea-ice loss in observed and projected climate change. Sea-ice loss, under standard forcing 71 

scenarios (e.g. from the Coupled Model Intercomparison Project phase 5 [CMIP5]), occurs at the 72 

same time as global warming, lower tropospheric polar amplification that reduces lower 73 

tropospheric temperature gradients, and upper tropospheric tropical amplification that increases 74 

upper tropospheric temperature gradients. These different temperature gradient changes have 75 

separable influences on storm track responses in the models contributing to CMIP5 (Harvey et 76 

al. 2014). Other work reveals a “tug of war” between the warming in the tropics and warming at 77 

the poles (Barnes and Polvani 2015): CMIP5 models that have more Arctic amplification tend to 78 

have a weaker and more equatorward jet response than models that have less Arctic 79 

amplification associated with sea-ice loss. This is consistent with results from a simple general 80 

circulation model in which upper tropospheric and lower tropospheric temperature gradients can 81 

be separately controlled (Butler et al. 2010). These studies show that even though sea-ice loss 82 

can impact the circulation at lower latitudes, this effect can be masked or counteracted by the 83 

effects of lower latitude warming (Barnes and Screen 2015). 84 

 In this study we ask whether it is possible to separate the direct influence of sea-ice loss 85 

from low latitude ocean warming using information from available coupled greenhouse-86 
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dominated radiative forcing simulations and sea-ice forcing simulations. We probe this question 87 

with two sets of climate model experiments each with two coupled Earth System Models from 88 

the National Center for Atmospheric Research (NCAR; Section 2). The first set of experiments is 89 

forced with historical and then with representative concentration pathway 8.5 (RCP8.5) future 90 

projections of forcing, which produces a significant amount of sea-ice loss and relatively strong 91 

warming at lower latitudes. The second set of experiments is forced with sea-ice albedo 92 

reduction under constant radiative forcing, as in Blackport and Kushner (2016), which produces 93 

significant sea-ice loss but relatively weak warming at lower latitudes (Section 3). 94 

The classical idea of pattern scaling in climate change simulations posits that the 95 

response in many variables, including sea-ice loss, to climate change is proportional to the 96 

amount of global warming (Santer et al. 1990, Tebaldi and Arblaster 2014).  But in coupled sea-97 

ice loss experiments the amount of sea-ice loss per degree of global warming is much less than 98 

for greenhouse-dominated radiative forcing (Deser et al. 2015, 2016; Blackport and Kushner 99 

2016). We use this information to attempt the isolate the response to sea-ice loss on multidecadal 100 

mean fields such as the zonal mean circulation and the midtropospheric flow. As indicators of 101 

the two processes that vary at least partially independently in response to the different forcings 102 

employed, we use the total sea-ice area (SIA) and the spatial mean of lower latitude sea surface 103 

temperatures (SSTs). We hypothesize that we can use information from both types of 104 

experiments to separately attribute the pattern of atmospheric circulation response to sea-ice loss 105 

without low latitude surface warming and to lower latitude surface warming without sea-ice loss 106 

(Section 4). We demonstrate the consequences of this hypothesis (Section 5) by decomposing the 107 

response under RCP8.5 forcing separately to the two processes. We show that potentially useful 108 

information can be produced when combining information from equilibrated timeslice 109 
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experiments (as in the sea-ice loss simulations) and transient climate forcing experiments 110 

(RCP8.5), provided sufficient data is available to average out internal variability. Follow on 111 

ideas for generalizing this idea and more carefully testing the hypotheses are presented in Section 112 

6. The Appendix provides additional background on the response in the Earth System Model 113 

simulations. 114 

  115 

2. Models and Experiments 116 

a) CESM1 experiments 117 

 We focus on two sets of experiments using the Community Earth System Model version 118 

1 (CESM1), a coupled atmosphere/ocean/land/sea-ice model that was developed at the National 119 

Center for Atmospheric Research (NCAR).  The atmospheric component is the Community 120 

Atmospheric Model version 5 (CAM5), which has 30 vertical levels up to about 3 hPa, while the 121 

ocean component is the Parallel Ocean Program (POP2), which has 60 vertical levels.  The land 122 

and sea-ice components are the Community Land Model version 4 (CLM4) and CICE4, 123 

respectively. All model components have approximately 1° horizontal resolution.  More 124 

information about the different components of CESM1 can be found in Hurrell et al. (2013) and 125 

references therein. 126 

 To determine the atmospheric response to historical and projected anthropogenic and 127 

natural forcing, we use the CESM large ensemble (Kay et al. 2015). This is a 30 member initial 128 

condition ensemble that simulates the climate from 1920-2100.  The 30 realizations are 129 

initialized by perturbing the temperature with numerical round off differences in air temperature 130 

on Jan 1st 1920 in a historical forcing simulation. These 30 realizations are then forced with 131 
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historical greenhouse gas, aerosol, solar and volcanic forcing, as well as prescriptions of land use 132 

change, until 2005, where they are then forced with the RCP 8.5 anthropogenic and natural 133 

forcings until 2100. Because each realization has the same forcing, any difference between the 134 

realizations is due to internal variability, which is averaged out provided ensemble statistics are 135 

used. 136 

 To isolate the climatic response to sea-ice loss we follow the method used in Blackport 137 

and Kushner (2016). First, a 725 year long control simulation that has constant Year 2000 138 

radiative forcing is branched off one of the CESM large ensemble members at Year 2000.  After 139 

some adjustment as the planet continues to warm to its equilibrium state (see Section 3), a sea-140 

ice albedo forcing simulation is branched off the control simulation at year 301 (nominal Year 141 

2300). As in Blackport and Kushner (2016), this is created by instantaneously altering 3 142 

parameters in the sea-ice code that change the albedo of the sea ice, allowing it to absorb more 143 

sunlight and rapidly melt. This sea-ice albedo forcing simulation is run for a total of 525 years. 144 

The albedo change is applied to the whole sea-ice field in both hemispheres, causing 145 

summertime sea-ice loss in both the Arctic and Antarctic and warming in both hemispheres. 146 

b) CCSM4 experiments 147 

 We will also use a similar set of experiments using the Community Climate System 148 

Model version 4 (CCSM4), an earlier version of the NCAR coupled climate model (Gent et al. 149 

2011). The main difference from CESM1 is that CCSM4 uses the atmospheric component 150 

CAM4 instead of CAM5.  The two atmosphere components have the same dynamical core, but 151 

very different physics parameterizations in the clouds, aerosols, radiation and shallow 152 

convection. These differences lead to large differences in the Arctic in the two models. In 153 

particular, CESM1 has more Arctic amplification in response to a greenhouse gas increase as a 154 
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result of differences in shortwave feedbacks due to optically thinner clouds in CAM5 than in 155 

CAM4 (Kay et al 2012), and this drives significant differences in the sea-ice loss in the two 156 

models (Section 3 and Appendix). 157 

 As for CESM1, we use sea-ice albedo forcing and an RCP8.5 forcing experiment for 158 

CCSM4. The sea-ice albedo forcing experiments are the same simulations used in Blackport and 159 

Kushner (2016) and are set up identically to the CESM1 experiments just described.  They 160 

consist of a 780 year long Year 2000 radiative forcing control simulation and an 800 year long 161 

sea-ice albedo forcing simulation. The CCSM4 RCP8.5 forcing simulations are similar to the 162 

CESM1 experiments, however only 5 realizations are available compared to 30 realizations for 163 

CESM1.  This means that internal variability plays a larger role in the CCSM4 RCP8.5 results, 164 

as will be noted in Section 5b. 165 

 For reference, in the Appendix we briefly compare selected aspects of the long-term sea-166 

ice albedo forcing experiments for CESM1 and CCSM4, including the seasonal cycle of sea-ice 167 

loss, warming, and surface energy budget changes. In the plots below, significance of model 168 

responses is tested using a student’s t-test, assuming that each year is independent. This likely 169 

overestimates significance, but is adequate to assess relative significance of the response in 170 

different fields. Statistical significance for the variability plots (Figure 10) is calculated using an 171 

f-test for equal variance.  The number of degrees of freedom used for the f-test is the total 172 

number of days divided by 10. 173 

3. Sea ice and sea surface temperature response 174 

 The time series of the annual mean Arctic SIA for the CESM1 simulations are shown in 175 

Figure 1a. The blue curve shows the ensemble mean SIA for the 30 realizations of the CESM1 176 
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historical and RCP8.5 forcing simulations from 1920 to 2100. Because much of the internal 177 

variability is averaged out, the SIA time series is a relatively smooth curve that represents the 178 

forced response.  The annual mean SIA is relatively constant at about 11 million km2 until 179 

toward the end of the 20th century when it starts to decrease significantly to less than 4 million 180 

km2.  At year 2000 in one of the ensemble members, the Year 2000 control simulation (red 181 

curve) is branched off and the sea ice continues to slowly melt, with SIA decreasing from about 182 

10 to 9 million km2 over about two hundred years as the coupled system adjusts to equilibrium. 183 

The sea-ice albedo forcing simulation (green curve) is branched off at year 301 of the Year 2000 184 

control. In the first year, over 2 million km2 of sea ice melts; the ice continues to melt as SIA 185 

equilibrates at about 6 million km2. The seasonal cycle of sea-ice loss (see Appendix) shows a 186 

sea-ice free Arctic (< 0.5 million km2) in August, September and October, reflecting the large 187 

shortwave forcing and albedo feedbacks in the polar Arctic. Wintertime sea-ice loss is more 188 

modest but the sea ice experiences thinning throughout the year. 189 

 The annual mean, northern hemisphere mean sea surface temperature (SST) is shown in 190 

Figure 1b. As expected, the SSTs warm very strongly in response to greenhouse-dominated 191 

radiative forcing in the historical and RCP8.5 forcing simulations. In addition, temperatures 192 

continue to increase by approximately 0.4°C in the Year 2000 control simulation before 193 

equilibrating. In the sea-ice albedo forcing simulation, there is about 0.3°C warming immediately 194 

after the perturbation is imposed and then a slow warming as the system adjusts to a new 195 

equilibrium on a global scale. Figure 1c shows the SSTs averaged between 0 and 40°N in these 196 

three experiments to represent low latitude northern hemisphere warming away from the Arctic. 197 

Even at these lower latitudes, albedo forcing drives a small warming of about 0.3°C that reflects 198 

the “mini” global warming (Deser et al. 2015) induced by a warmer ocean and greenhouse 199 
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warming related to water vapour feedback. One task of our analysis is to try to separate out the 200 

impact of this additional warming from the sea-ice loss response. 201 

 Figure 2 plots the Arctic SIA response against the low latitude SSTs (averaged from 0-202 

40°N) in each of the simulations for the annual mean, September-October-November (SON) and 203 

December-January-February (DJF). Each blue dot represents the ensemble mean for each year of 204 

the 30 transient CESM1 historical and RCP8.5 simulations, and the red and green dots represent 205 

the time mean year 2000 control simulation and sea-ice albedo forcing simulations respectively. 206 

Only the last 425 years for the control and 275 years for the sea-ice albedo forcing simulation 207 

were used, because this is when the simulations had reached equilibrium.  In the annual mean 208 

(Figure 2a), there is a linear relationship between the SIA and lower latitude SSTs: for every 1 209 

million km2 of sea-ice loss there is an increase in SSTs at the lower latitudes of approximately 210 

0.49°C. This linear relationship has also been seen between SIA and global temperatures in most 211 

climate models (Mahlstein and Knutti 2012).The equilibrated Year 2000 control simulation lies 212 

very close to the RCP8.5 forcing simulation in the early 2030’s. This means that for CESM1 213 

under RCP8.5 forcing, there is the equivalent of just over 30 years of SST warming and sea-ice 214 

loss in the adjustment to equilibrium in the Year 2000 control simulation. In the sea-ice albedo 215 

forcing simulation there is less warming compared to the amount of sea-ice loss, so it does not lie 216 

on the same line as the transient RCP 8.5 simulation. For every million km2 of sea-ice loss, there 217 

is approximately 0.12°C warming in the SST at lower latitudes, or about four times less than in 218 

the RCP8.5 simulations.  219 

 The scatter plots of SIA vs the SSTs averaged from 0-40°N for SON and DJF for the 220 

RCP8.5 do not show as straightforward a linear relationship. Towards the end of the 21st century 221 

during SON, there is less SIA decrease per increase in SST as result of the Arctic becoming ice 222 
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free in these months. In DJF, the opposite happens: the sea-ice loss per degree of low latitude 223 

warming increases in the middle of the 21st century. This could be the result of the ice edge 224 

entering the Arctic Ocean at this time making more ice available to melt as described by 225 

Eisenman (2010) to explain why the rate of Arctic ice loss is faster in summer than in winter.  In 226 

other words, the reason for increased rate of sea-ice loss in winter could be that the sea-ice edge 227 

becomes more “summer like” once the ice edge retreats into the Arctic Ocean. 228 

 A summary of the change in Arctic SIA and SST from 0-40° N for the annual mean and 229 

for DJF for each experiment are presented in Table 1. To easily compare the sea-ice albedo 230 

forcing experiments with the RCP8.5 experiments, we have used 10 year averages of the 231 

ensemble mean of epochs when total Arctic SIA matched as closely as possible their amounts in 232 

the Year 2000 simulation and the sea-ice albedo forcing simulation. These epochs are 2027:2036 233 

and 2063:2072 for the annual mean and 2027:2036 and 2057:2066 for DJF. (For CCSM4, we 234 

used 20 year averages to compensate for the relatively small number of transient RCP8.5 235 

realizations. The epochs are 2030:2049 and 2062:2081 for the annual mean and 2032:2051 and 236 

2052:2071 in DJF for CCSM4.) The difference between these two epochs defines the climate 237 

response in the RCP8.5 experiments. The reason that the separation between epochs is shorter for 238 

DJF than for the annual mean is that sea-ice albedo forcing drives less sea-ice loss in winter than 239 

in summer due to a lack of shortwave forcing in winter (Deser et al 2015). The amount of low 240 

latitude warming in the sea-ice albedo forcing experiments in CESM1 is about 25% of that in the 241 

RCP8.5 forcing experiments in the annual mean (about 30% in DJF).  The CCSM4 results are 242 

similar, except that we see less ice loss in response to the same albedo forcing, especially during 243 

DJF.  We see more low latitude warming relative to the RCP 8.5 experiments than Deser et al. 244 
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(2015) did, possibly a result of the Antarctic sea-ice melting contributing to the global warming 245 

response or related to the different methods used to melt the sea ice.     246 

4. Using pattern scaling to isolate the response to sea ice loss 247 

 Figures 3a and b, which will be described in more detail in the next section, show the 248 

response of the annual mean and zonal mean temperature for the RCP8.5 and sea-ice albedo 249 

forcing experiments, respectively. Figure 3a shows the temperature response as a difference for 250 

the RCP8.5 epochs that have net sea ice loss that is quite similar to the sea-ice albedo forcing 251 

experiment (Section 2 and Table 1). A key point to notice is that the amplitude and structure of 252 

the lower tropospheric warming in the two simulations is quite similar. This suggests that aspects 253 

of the atmospheric response to sea ice loss might be controlled by the total amount of sea ice loss 254 

and less sensitive to details such as the spatial pattern of the sea-ice loss and the cause of the sea-255 

ice perturbation. We also notice that there is moderate tropical upper tropospheric warming in 256 

the sea-ice albedo forcing experiment, a feature also found more strongly in the RCP8.5 forcing 257 

experiment. This is part of the “mini” global warming induced by sea ice loss (Deser et al. 2015). 258 

This response is described classically as a response to lower latitude surface warming, which is 259 

stronger under greenhouse warming, and can be considered separately from the sea ice response. 260 

This motivates our approach of decomposing the total response due to the separate controls of 261 

sea-ice loss and low latitude surface ocean warming. 262 

We propose a pattern scaling approach in which Arctic sea-ice area (I) and low latitude 263 

SST(T), are the controlling variables. Defining by Z  a variable like 500 hPa geopotential height 264 

at a given northern hemisphere geographic location that could be affected by both sea-ice loss 265 

and low latitude surface warming, we write Z=Z(I,T) and consider how Z varies in response to 266 

small variations in I and T. Symbolically we write 267 
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The first partial derivative on the right hand side of the second equation represents the response 269 

of Z to a change in sea-ice area while the low latitude temperature is held constant and the 270 

second partial derivative represents the response of Z to a change in low latitude temperature 271 

while the sea-ice area is kept constant. To estimate these derivatives we use the output of the two 272 

sets of experiments, according to Eq. (1): 273 
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Here the subscript A indicates the response (long-term equilibrium difference from control) in 276 

the sea-ice albedo forcing experiment and the subscript R the response (ensemble mean epochal 277 

difference) in the RCP 8.5 forcing experiment. We can diagnose all terms in these equations 278 

except the two partial derivatives. Since we have two equations and two unknowns we are able 279 

to solve for these terms by inversion: 280 
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                           Eq. (4) 281 

The two terms are simply linear combinations of the responses in each of the two experiments, 282 

weighted by the amount of sea-ice loss and low latitude surface warming in each experiment. 283 
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Note that the partial derivatives on the left-hand side of Eq. (4) and the terms δZR and δZA on the 284 

right-hand side of Eq. (4) are spatial fields. The denominator and two-by-two matrix on the right-285 

hand side of Eq. (4) are not spatial fields but simply the four values obtained from the sea-ice 286 

loss and low-latitude warming in the two experiments. 287 

We note that the expressions above are somewhat ambiguous to interpret. For example 288 

although we use the SSTs from 0-40°N as the T to perform this calculation, it does not 289 

necessarily mean that any part of the response that appear in this term is directly caused by the 290 

low-latitude warming. Instead, it means that that part of the response scales with the SSTs from 291 

0-40N in these experiments as distinct from the scaling with Arctic sea-ice loss.  Thus, the 292 

second term on the right-hand side of Eq. (1) can be thought of as the part of the response due to 293 

low latitude surface warming not related to sea-ice loss. Similarly, the first term on the right hand 294 

side of Eq. (1) can be thought of as the part of the response due to sea-ice loss that is not related 295 

to low latitude surface warming. This is somewhat distinct from the result of the sea-ice forcing 296 

experiments because of the warming induced at low latitudes in the coupled system. 297 

For the CESM1 results, the values for δZR, δIR, and δTR will be calculated using the 298 

epochal difference between two time periods used in Table 1, so that the simulations have similar 299 

amounts of sea-ice loss with  δIR ≈ δIA. Defining ε = δTA/δTR < 1 as the ratio of the sea-ice 300 

albedo forcing’s warming to the RCP8.5 forcing’s warming at this time (ε ranges from 25% to 301 

40% in Table 1), then some algebraic manipulation leads to the following expressions for the 302 

sea-ice loss and low latitude surface warming contributions diagnosed for the RCP8.5 response: 303 
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These expressions provide four useful special cases: if δZR<< δZA  (i.e. the RCP8.5 response is 305 

negligible), then  306 
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This implies that if the RCP8.5 forcing response is negligible the low latitude surface warming 308 

and sea-ice loss parts of the decomposition are approximately equal and opposite and inflated by 309 

a factor of 1/(1 – ε). If δZA= εδZR  then  310 
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This implies that if the response in the sea-ice albedo forcing experiment is a factor of ε times the 312 

response in the RCP8.5 forcing experiment (i.e. matches the relative low latitude warming 313 

scaling of the sea-ice albedo forcing to the RCP8.5 forcing), the sea-ice loss contributes nothing 314 

to the response. If δZR=δZA,  315 
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all the RCP8.5 response can be attributed to sea-ice loss, leaving nothing to explain from low 317 

latitude surface warming. Finally, if δZR = - δZA, 318 
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both the sea-ice and low latitude surface warming parts of the decomposition have opposite sign 320 

and are inflated, with low latitude surface warming part having a greater magnitude. 321 
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For most of the study, we will analyze the DJF response, so we will use the DJF mean 322 

values for δI and δT, except in Figure 3 where we use the annual mean response. As is evident 323 

from Table 1 our results will not depend strongly on whether we use the annual mean or DJF 324 

mean δI and δT when decomposing the DJF response: the factor ε =0.25 for DJF and ε = 0.31 for 325 

the annual mean, for approximately equal sea-ice loss. They also do not depend strongly on the 326 

epochs chosen in the RCP8.5 experiment, with the exception of using both epochs in the latter 327 

part of the 21st century for DJF. During these times, ε  starts increasing, i.e. the amount of sea-ice 328 

loss per unit low latitude surface warming increases and becomes closer to what it is in the sea-329 

ice albedo forcing simulations, which makes the calculation less robust. 330 

 331 

5. Results of the Decomposition 332 

a) CESM1 results 333 

 In Figures 3-13, we will show the results of the decomposition described in Section 4 for 334 

a number of different fields related to atmospheric circulation and variability in a standard 335 

format.  For each field, we will show four panels as follows: 336 

 Panel (a): The response (epochal difference for the epochs in Table 1) in the RCP8.5 337 

forcing experiment. 338 

 Panel (b): The response (long-term mean of sea-ice albedo forcing minus Year 2000 339 

control) in the sea-ice albedo forcing experiment. 340 

 Panel (c): the low latitude surface warming related response in the RCP 8.5 experiment ( 341 

corresponding to the first term on the right hand side of equation 3). No statistical 342 

significance information is shown for this derived quantity. 343 
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 Panel (d): the sea-ice loss related response in the RCP8.5 experiment (corresponding to 344 

the second term on the right hand side of equation 3). No statistical significance is shown, 345 

as in Panel (c). 346 

By construction Panel (c) plus Panel (d) equals Panel (a). Note that Panels (a) and (b) are 347 

determined directly from the model output in the two experiments, while Panels (c) and (d) are 348 

calculated using the methods described in Section 4. 349 

 Figure 3 shows the decomposition for the annual mean, zonal mean temperature, using 350 

the annual mean δI and δT.  In the RCP 8.5 forcing experiment (Figure 3a), there is warming 351 

everywhere in the troposphere with the largest increases in temperature being in the Arctic lower 352 

troposphere and in the tropical upper troposphere. In the sea-ice albedo forcing experiment 353 

(Figure 3b), there is a similar structure and magnitude of the warming signal in the Arctic 354 

planetary boundary layer, as well as additional warming in the Arctic lower troposphere. Since 355 

the epochs in the RCP8.5 were chosen to have similar sea-ice loss to the sea-ice albedo forcing 356 

response, the near surface warming provides a good match between the two experiments. This is 357 

born out in the decomposition in Figures 3c-d. Figure 3c suggests that the low latitude surface 358 

warming part (Figure 3c) is responsible for the warming throughout the troposphere including 359 

the tropical warming, while the sea-ice loss part (Figure 3d) is responsible for all of the warming 360 

in the Arctic lower troposphere, as in the δZR=δZA case (see Eq. 8), but none of the tropospheric 361 

warming outside this region, as in the δZA= εδZR  case (see Eq. 7).  This clear separation between 362 

the warming in the Arctic lower troposphere and the rest of the global warming gives us some 363 

confidence that we can use this method to decompose other fields. 364 

 The DJF zonal mean temperature (Figure 4) decomposition is similar to the annual mean 365 

in the troposphere, however the stratospheric response is different, as the sea-ice albedo forcing 366 
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experiments show some warming in the polar stratosphere (about 1-1.5°C). In contrast, this 367 

response is not seen in the RCP8.5 forcing experiments, even though the two experiments have 368 

the same amount of sea-ice loss. This corresponds to the  δZR<< δZA case (see Eq. 6) where the 369 

RCP8.5 forcing response is negligible compared to the sea-ice albedo forcing response. In the 370 

decomposition, stratospheric warming associated with sea-ice loss (Figure 4d) cancels 371 

stratospheric cooling associated with low latitude surface warming (Figure 4c).  372 

 The DJF zonal mean wind response in the RCP 8.5 experiment (Figure 5a) is very weak 373 

in the troposphere, with only a small (0.3 m s-1) decrease on the poleward side of the eddy driven 374 

jet between 60° and 80°N. The sea-ice albedo forcing experiment produces a weakening and 375 

southward shift in the jet consistent with other sea-ice perturbation studies (e.g. Peings and 376 

Magnusdottir 2014; Deser et al 2015) but somewhat inconsistent with our own previous study 377 

using CCSM4 (Blackport and Kushner 2016); this case will be discussed in the next subsection. 378 

Because the RCP8.5 experiment produces very little response and the sea-ice albedo forcing 379 

experiments produce a equatorward shift of the eddy driven jet, the low latitude surface warming 380 

part of the decomposition consequently corresponds to a roughly equal and opposite poleward 381 

shift in the eddy driven jet as shown in Figure 6c (another case with δZR<< δZA  see Eq. 6). The 382 

cancellation is consistent with Barnes and Polvani (2015) who show that the CMIP5 models that 383 

have more (less) Arctic amplification tend to have more of a decrease (increase) in the strength 384 

of the tropospheric jet and an equatorward (poleward) shift of the jet. Consistent with the 385 

stratospheric temperature response in Figure 4, we find a decrease in the strength of the 386 

stratospheric polar vortex in the sea-ice albedo forcing experiments and in the response to sea-ice 387 

loss. This result is in agreement with Peings and Magnusdottir (2014) who found a similar result 388 

forcing CAM5, the atmospheric model used in CESM1, with lower sea-ice concentrations.  389 
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Regarding the stratospheric response, the picture that emerges here is that sea-ice loss in 390 

isolation, with low latitude surface warming supressed, can drive moderate stratospheric 391 

dynamical warming and a weakening of the polar vortex (Figures 4d and 5d), even in a low top 392 

model such as the one used here (Peings and Magnusdottir, 2014; Kim et al. 2014, Sun et al., 393 

2015). At the same time, the global warming related increase in polar stratospheric water vapour 394 

leads to radiative cooling of the polar stratosphere (Figure 4c), which counteracts the dynamical 395 

warming and reduces the stratospheric temperature and wind response under projected climate 396 

change (Figures 4a and 5a). 397 

 The results of the decomposition for midtropospheric extratropical warming and 398 

circulation as represented by Z500 in DJF is in Figure 6.  In the RCP 8.5 forcing experiment 399 

(Figure 6a), there are increases in height throughout the entire Northern Hemisphere 400 

accompanying tropospheric greenhouse warming.  The smallest increases are over the North 401 

Atlantic and North East Pacific Oceans.  In the sea-ice albedo forcing experiments (Figure 6b), 402 

there are large increases over Greenland, no increase over the North Atlantic and Western 403 

Europe and small decreases over the North East Pacific. However, there are also small increases 404 

over the rest of the Northern Hemisphere as a result of the small amount of global warming. The 405 

decomposition in Figure 6d removes the small global warming signal from the sea-ice loss 406 

signal. What remains is the increase over Greenland, a larger decrease over the North Pacific, 407 

and a small decrease over Western Europe. Compared to the total RCP8.5 response (Figure 6a), 408 

in the low latitude surface warming part of the response (Figure 6b) there are larger increase over 409 

the North Pacific and over Eurasia, with little change over the North Atlantic. This suggests that 410 

the sea-ice loss is responsible for the decrease in geopotential heights in the North Pacific, and 411 

that the low latitude surface warming part of the response increases heights in this region, 412 
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cancelling the response to sea-ice loss. It also suggests that both sea-ice loss and the low latitude 413 

surface warming are contributing to the relatively small changes in Z500 over the North Atlantic 414 

sector. 415 

 Figure 7 shows the sea level pressure (SLP) response in the two experiments and the 416 

decomposition into the parts of the response. In the RCP8.5 forcing experiment, there is a 417 

decrease in SLP over most of the Arctic Ocean with the largest response over the Barents Sea 418 

and the Chukchi Sea, as well as a weak decrease over North America. In the sea-ice albedo 419 

forcing experiment, however, there is a high pressure response over Northern Eurasia and a 420 

deepening of the Aleutian low. This high pressure response has been seen in many studies (e.g. 421 

Honda et al 2009; Mori et al. 2014) in response to sea-ice loss in the Barents and Kara seas and 422 

can cause a cooling response in East Asia, as a result of cold air advection.  Even though both the 423 

albedo forcing and RCP8.5 forcing experiments show decreased sea-ice loss in this region, the 424 

SLP responses are opposite. Based on this, it no surprise that the decomposition tells us that the 425 

low latitude surface warming and sea-ice loss parts of the response, are generally opposite, 426 

similar to the δZR = - δZA case (see Eq. 9). The low latitude warming and sea-ice loss parts both 427 

show a reduction in SLP over the Chukchi, Beaufort, and Bearing Seas, as well as over parts of 428 

the Canadian Arctic. They have opposite signs over a broader hemispheric region including the 429 

North Pacific, the rest of the Arctic Ocean and Eurasia, consistent with the zonal mean wind 430 

response which also produced an opposite response in the troposphere. 431 

 Applying this analysis to 2 meter temperature over land (Figure 8) reveals results that are 432 

consistent with the advection pattern that can be inferred from the SLP response. The sea-ice loss 433 

produces a moderate cooling response over East Asia as result of cold air advection from the 434 

Arctic consistent with previous studies (e.g. Honda et al 2009; Mori et al. 2014). However, the 435 
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warming over this same region connected with the low latitude surface warming is strong, 436 

cancelling out any cooling due to sea-ice, so there is still significant warming over East Asia in 437 

the RCP8.5 experiment. Even in the albedo forcing experiment, the small amount of low latitude 438 

surface warming is enough to cancel any cooling, leaving instead a lack of warming in that 439 

region.  Over North America, both the sea-ice and low latitude surface warming contribute to the 440 

warming at higher latitudes over Canada, but the influence of the sea-ice loss does not reach past 441 

the northern United States. 442 

 Examining Figures 6-8 together, we see that much of the sea-ice driven changes inferred 443 

from our experiments are equivalent barotropic in circulataion and project onto planetary wave 1, 444 

with a positive center of action over Eurasian and a negative center over the northeast Pacific at 445 

the surface (Panel 7d) and the midtroposphere (Panel 6d). We expect that this pattern reflects 446 

regional changes in the regional eddy driven circulation arising from the sea-ice perturbation. 447 

These equivalent barotropic circulation features are associated with surface temperature 448 

advection signals that presumably drive some of the pattern of Eurasian cooling and Western 449 

North American warming. Over other regions, however, the response is less vertically coherent 450 

over the main sea-ice loss regions of the central Arctic and Hudson’s Bay. In these regions, the 451 

strong regional heating from sea-ice loss might directly drive strong changes to the diabatic 452 

circulation and lead to less barotropic responses. The combination of direct diabatically driven 453 

responses and indirect eddy driven responses are expected to be model dependent, as we will 454 

mention in the next subsection. 455 

 The analysis applied to winter precipitation (Figure 9) shows that in the RCP8.5 forcing 456 

experiment, there are increases in precipitation over most of the mid and high latitudes. In the 457 

sea-ice albedo forcing simulations, there are more limited increases over the Arctic Ocean where 458 
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there is sea-ice loss, over the west coast of North America and over Western Europe. Each of 459 

these responses is seen in the RCP8.5 experiments as well, meaning the sea-ice loss contributes 460 

to the increased precipitation over these regions in the projections.  The rest of the increases, 461 

mainly over the North Pacific and Northern Eurasia, cannot be attributed to sea-ice loss but can 462 

be attributed to that part of the global warming response associated with low latitude surface 463 

warming. Some of the precipitation responses can be linked to the equivalent barotropic 464 

circulation response in SLP and Z500 in Figures 6 and 7. For example, over the North Pacific the 465 

increased precipitation over the west coast of North America appears to be connected with the 466 

deepening of the Aleutian low. 467 

 There have been a number of the studies that have investigated how the variability of 468 

temperature and other variables is changing in response to greenhouse-dominated radiative 469 

forcing and sea-ice loss (Screen 2014; Screen et al. 2015; Blackport and Kushner 2016). Here we 470 

investigate the role of sea-ice loss in the change of temperature variability, by performing the 471 

decomposition for the daily averaged 2 meter temperature subseasonal temperature variability in 472 

Figure 10. In the RCP8.5 simulations, the variability is calculated by taking the daily averaged 2 473 

meter temperature for each of the 30 realizations over same 10 year periods used in the previous 474 

plots, and subtracting the ensemble mean (this removes the seasonal cycle and the ensemble 475 

mean trend). The DJF seasonal mean of each of the 300 years are subtracted to obtain the 476 

subseasonal anomalies from which the standard deviation is calculated at each geographic point. 477 

The difference of the standard deviations of subseasonal 2 meter temperature between the two 478 

RCP8.5 epochs is plotted in Figure 10a. Similarly, the subseasonal 2 meter temperature standard 479 

deviations for the albedo forcing experiments are calculated by subtracting the daily 480 

climatological values of the daily temperature and seasonal average DJF temperatures from 200 481 
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years of daily data. The difference in this statistic for the sea-ice albedo forcing experiments is 482 

plotted in Figure 10b, and the decomposition of the responses is plotted in Figures 10c-d. 483 

  In the RCP 8.5 experiment there is a decrease in the temperature variability throughout 484 

most of the mid and high latitudes, indicating that the Northern hemisphere winters will become 485 

less extreme, a result this is robust across all CMIP5 models (Screen 2014). We also see a 486 

reduction in variability in the albedo forcing experiment, consistent with other studies that have 487 

looked at the temperature variability response to sea-ice loss (Screen et al. 2015; Blackport and 488 

Kushner, 2016), suggesting that sea-ice loss plays a large role in the reduction of variability. 489 

Once the decomposition is calculated, we find that sea-ice loss is responsible for much of 490 

reduced variability over southern Canada, Northern United States, Russia and Northern Europe. 491 

It is not surprising that sea-ice loss is responsible for the reduced temperature variability in the 492 

model, as sea-ice loss is the primary contributor to Arctic amplification, which causes reduced 493 

variability due to a decrease in temperature gradients (Screen 2014; Schneider et al 2015). Also, 494 

because sea ice has a lower heat capacity than the ocean, melting ice will cause the regions 495 

where the ice was lost to be more maritime, also reducing the variability. Although the sea-ice 496 

loss contributes to much of the reduced variability, the low latitude surface warming part of the 497 

response also shows reduced variability, especially over Europe and central Asia.  498 

b) CCSM4 results 499 

 To help understand how robust these results are, we have done the same analysis using 500 

CCSM4, an earlier version of NCAR’s coupled model that differs principally in the physical 501 

parameterizations in the atmospheric component. These differences result in CESM1 having 502 

stronger Arctic amplification due shortwave feedbacks (Kay et al. 2012). Our analysis here is 503 

more data limited, because in the RCP8.5 experiments, there are only 5 realizations available 504 
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instead of the 30 realizations of the CESM large ensemble. To produce more robust results we 505 

average over 20 years for each of the two epochs (2027:2046 and 2047:2066) to calculate the 506 

DJF response in the RCP8.5 simulations. In the CCSM4 albedo forcing experiment, there is 507 

about 50% less sea-ice loss in DJF  (30% less in the annual mean) in response to the same albedo 508 

forcing than in CESM1 (Table 1 and Appendix).  This is likely related to the optically thicker 509 

Arctic clouds in CCSM4 that allow less sunlight to be absorbed as result of the sea-ice albedo 510 

perturbation.  This also means a weaker shortwave feedback that together with less sea-ice loss 511 

leads to less Arctic warming. Differences between the CESM1 and CCSM4 sea-ice loss 512 

responses are discussed further in the Appendix. Despite these differences, the amount of low 513 

latitude surface warming per million km sea-ice loss is similar to CESM1 (Table1). Because we 514 

are using only a third of the number of years to calculate the response in the RCP 8.5 experiment, 515 

combined with the weaker forcing, the CCSM4 results are not as robust as the CESM1 results. In 516 

particular, changing the epochs used to calculate the response in the RCP 8.5 experiment does 517 

change some of the results. Nevertheless, there a few robustly estimated differences between the 518 

two models that will be highlighted below. 519 

 As in CESM1’s RCP8.5 simulation (Figure 5), the extratropical tropospheric DJF zonal 520 

mean wind response in the CCSM4  RCP 8.5 simulation (Figure 11) is weak and in the CCSM4 521 

case statistically insignificant.  In the sea-ice albedo forcing simulation, the response generally 522 

has the same sign as in CESM, but is proportionally weaker accounting for the weaker forcing 523 

from sea-ice loss. The biggest difference is in the stratosphere, where there is very little response 524 

in the sea-ice albedo forcing experiment. This could be associated with the CCSM4 control run 525 

stratosphere having colder temperatures and stronger winds than the CESM1 control run (not 526 

shown), making it less susceptible to changes associated with altered planetary wave 527 
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propagation. Likely linked to this is the relatively weak wave-1 circulation response (see for 528 

example, Fig. 12d). The decomposition between the two parts of the response in CCSM4 shows 529 

the same competing southward and northward jet shifts in the troposphere seen in CESM1. The 530 

responses in the troposphere in the RCP8.5 simulations are not statistically significant and 531 

changing the epochs used can change the response (not shown). However, the main features of 532 

the response decomposition in Figs. 11c-d are present for various epochs. 533 

 The results for the DJF SLP (Figure 12) responses in both the RCP8.5 and the sea-ice 534 

albedo forcing experiments are generally weaker in CCSM4 than in CESM1.  This is at least in 535 

part due the weaker response to sea-ice albedo forcing in the CCSM4 experiment.  Although the 536 

sea-ice albedo forcing experiment response is robust, many of the features seen in the RCP8.5 537 

forcing experiment (and therefore in both terms in the decomposition as well) are not, as they are 538 

not statistically significant or robust for different epochs analyzed.  One robust feature is the 539 

absence of a high pressure response of Northern Eurasia due to sea-ice loss (this is also found in 540 

Blackport and Kushner 2016). This also results in there being no advective cooling in the East 541 

Asia like there was in CESM1 (compare Figure 13 to Figure 8).  Another robust feature that is 542 

seen in both models is the opposite responses due to sea-ice loss and low latitude surface 543 

warming in the SLP response in the North Pacific (compare Figure 12 to Figure 7). This leads to 544 

similar precipitation responses in CCSM4 compared to CESM1 (not shown). Many of the 545 

remaining features of the SLP response change for different epochs and thus are not robust. 546 

6. Summary and Discussion  547 

 We have examined the atmospheric response in RCP8.5 forcing and sea-ice albedo 548 

forcing experiments in order to isolate the role of sea-ice loss in the atmospheric response to 549 

greenhouse-dominated climate change. These sets of experiments each have different amounts of 550 



26 
 

low latitude surface warming relative to the amount of sea-ice loss –– the sea-ice albedo forcing 551 

experiment has less low latitude surface warming per million km2 sea-ice lost than in the RCP8.5 552 

experiment. We used this to explore a hypothesis that the response to anthropogenic forcing can 553 

be decomposed into a part that scales with total sea-ice loss and a part that scales with low 554 

latitude ocean surface warming.  We used the two sets of coupled Earth System model 555 

experiments to pattern scale a number of fields with sea-ice loss and low latitude surface 556 

warming. From these we have been able to determine how important sea-ice loss is in the 557 

atmospheric response to greenhouse-dominated radiative forcing in CESM1 and CCSM4.  558 

When we performed this decomposition on zonal temperature, we found that we could 559 

attribute the warming in the Arctic lower troposphere to sea-ice loss and the rest of the warming 560 

to the lower latitude surface warming.  The boreal wintertime circulation responses due to each 561 

of the two factors were generally found to be opposite and they at least partially cancel out. The 562 

sea-ice loss part was associated with a weakening of the zonal winds, an equatorward shift in the 563 

jet stream, a weakening of the stratospheric polar vortex, a high SLP response over Northern 564 

Eurasia and deepening of the Aleutian low.  For many of these circulation changes, the low 565 

latitude surface warming part was opposite to these changes.  566 

We have found two important examples where sea-ice loss and low latitude warming are 567 

not so tightly coupled. For the regional response in precipitation, sea-ice loss was responsible for 568 

an increase of wintertime precipitation over the west coast of North America and Western 569 

Europe, that are also seen in the RCP8.5, while the low latitude warming is associated with 570 

increases over other sectors such as Eurasia. We also find that sea-ice loss and low latitude 571 

warming both act to decrease wintertime subseasonal temperature variability at mid and high 572 
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latitudes.  This response is seen in both the sea-ice albedo forcing and the RCP8.5 forcing 573 

simulations and both sea-ice loss and low latitude surface warming  play a role in it. 574 

 The circulation responses that are seen in the sea-ice albedo forcing experiments and in 575 

the sea-ice part of the responses have been seen in other studies including those that use 576 

prescribed non-interactive SST and sea ice (e.g. Peings and Magnusdottir 2014).  The fact that 577 

we do not see these same responses in the RCP8.5 experiments, and that such effects are 578 

somewhat weaker in the sea-ice albedo forcing experiments than in the decomposition, suggests 579 

that, in the coupled system, greenhouse warming responses associated with low latitude surface 580 

warming can be just as, if not more important than the sea-ice loss. In other words, just because 581 

sea-ice loss can impact the lower latitudes in many ways as seen in previous studies, does not 582 

mean it will, as discussed in Barnes and Screen (2015). This is in agreement with Barnes and 583 

Polvani (2015) who found that many of the proposed impact of Arctic amplification are not seen 584 

in the CMIP5 models under RCP8.5 forcing, though there is a significant amount of spread.  585 

 Based on the results of this study, it would be expected that the circulation response to 586 

sea-ice loss in the coupled model would be weaker than in the experiments that use prescribed 587 

SST and sea-ice because of the small amount global warming partially cancelling out the 588 

response. This, however, was not found in Deser et al. (2015, 2016), who found a stronger 589 

circulation response in a coupled model sea-ice loss experiment compared to one without an 590 

interactive ocean under the same amount of sea-ice loss, as a result of a larger temperature 591 

response that penetrates higher up into the atmosphere. They attribute this to an increase in 592 

poleward heat transport associated with a warmer and moister tropical upper troposphere. We do 593 

not see evidence of more warming in the Arctic free troposphere in the RCP8.5 response than in 594 

the albedo forcing experiments, even though it has much more tropical warming. One factor that 595 
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may contribute to the stronger response in the coupled sea-ice loss experiments is that the fixed 596 

SST and sea-ice experiments used in Deser et al. (2015, 2016) only prescribe increase SSTs in 597 

the regions where sea ice is lost. In the coupled model experiments, however, there are SST 598 

increases well outside these regions that might be attributed to sea-ice loss. Indeed, when we 599 

perform the decomposition on the SST, we find that there is warming of the high and mid 600 

latitude oceans that can be attributed to sea-ice loss (not shown). These could help to produce a 601 

stronger temperature response in the coupled model.  As part of a future study, we plan on 602 

testing this and other ideas presented here by performing new experiments using prescribed SST 603 

and SIC that are calculated using the decomposition approach described in Section 4. 604 

 We note that although we do not see many of the impacts of sea-ice loss in the RCP 8.5 605 

experiment, this is likely model dependent.  Barnes and Polvani (2015) find that there is a 606 

significant amount of spread in the jet stream’s response to greenhouse-dominated radiative 607 

forcing and that some of this spread can be explained by the amount of Arctic amplification.  608 

Models that have more Arctic amplification see a response in the jet that looks more like the sea-609 

ice part of the response, while models with less Arctic amplification look more like the low 610 

latitude surface warming part of the response.  The models analyzed here tend to be in the middle 611 

of the range of responses, but in models with more sea-ice loss, or in models that have a larger  612 

Arctic amplification response, sea ice could play a larger role in than in the models analyzed in 613 

this study. 614 

 To reconsider the larger picture, we emphasize that the sea-ice albedo forcing Earth 615 

System model experiments used here are an artificial means to isolate the part of the sea-ice loss 616 

process associated with sea-ice albedo shortwave feedbacks and summertime sea-ice loss 617 

(Blackport and Kushner 2016). These experiments show that the tropospheric near-surface 618 
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warming in the Arctic can be physically attributed to sea-ice loss, once the warming is scaled by 619 

the sea-ice loss (Figs 3 and 4). In addition, these experiments combined with radiative forcing 620 

experiments provide a possible causal chain to explain aspects of the tropospheric circulation 621 

response to anthropogenic greenhouse forcing, without the need to run additional experiments. 622 

Under greenhouse warming, anthropogenic radiative forcing quickly increases atmospheric water 623 

vapour, drives tropical upper troposphere amplified warming, and global stratospheric cooling. 624 

In isolation this will tend to drive the jet stream poleward and strengthen the wintertime Arctic 625 

stratospheric vortex (Figures 4c-5c). However, the greenhouse gas and water vapour enhanced 626 

downwelling longwave radiation simultaneously leads to sea-ice loss and Arctic amplification, 627 

boosted by positive shortwave sea-ice albedo feedbacks (and possibly other positive surface 628 

energy budget feedbacks in the Arctic). This additional warming contributes, primarily via 629 

oceanic warming in the coupled system (Tomas et al. 2016), to the original global warming 630 

effect, and so in terms of the thermal and radiative response provides a positive feedback 631 

mechanism for greenhouse forcing circulation change. But the direct effect of sea-ice loss is a 632 

negative circulation feedback that pushes the jet equatorward and dynamically warms the polar 633 

stratosphere (Figs. 4d and 5d). Such negative feedbacks associated with the eddy driven response 634 

to sea-ice forcing have been well documented before in the context of North Atlantic Oscillation 635 

trends (e.g. Magnusdottir et al. 2004, Deser et al. 2004) and appear here to be acting in the 636 

context of pan-Arctic sea-ice loss and the zonal mean circulation. In summary, in this 637 

interpretation, greenhouse warming induced sea-ice loss provides a negative feedback that 638 

weakens the impact of the tropospheric and stratospheric circulation response to greenhouse 639 

warming.  640 

 641 
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Appendix 642 

Comparison of the response to sea-ice albedo forcing between CESM1 and CCSM4 643 

Figure A1a shows the seasonal cycle of SIA for the control and sea-ice albedo forcing 644 

simulations in both models.  In the control simulations, the two models have similar amounts of 645 

sea ice in the annual mean, however CESM1 has a larger amplitude seasonal cycle. In most 646 

months of the year, the response in SIA is larger in CESM1 than in CCSM4.  The only months 647 

that do not show this are August and September, but this is only because there is less ice 648 

available to melt in the CESM1 control simulations during these months.  In DJF, the CESM1 649 

control simulation has slightly more ice, but the sea-ice albedo forcing simulation has 650 

considerably more ice melt than CCSM4 ( 2.28 vs 1.17 million km2 lost). Much of this 651 

difference comes in December when there is a 2 million km2 difference in the amount of ice loss 652 

between the two models. All of these differences in the sea-ice response between the two models 653 

are consistent with there being stronger shortwave feedbacks in CESM. 654 

The seasonal cycle of the Arctic sea-ice thickness is shown in Figure A1b. The control 655 

simulations have similar sea-ice thicknesses, but CESM1 has thinner sea ice throughout the 656 

summer and fall, consistent with there are being more shortwave radiation reach the surface.  657 

The responses are also similar between the two models, as they both by about show an 658 

approximately 0.5 m thinning throughout most of the year, but an increase in thickness in late 659 

summer. The increase in thickness occurs near the time when the SIA is close to its minimum, 660 

when all of the thinner ice has melted, leaving only the thickest ice that is pushed up against the 661 

North coast of Greenland and the Canadian Arctic Archipelago.  This peak in ice thickness in the 662 

sea-ice albedo forcing simulation is shifted a month earlier in CESM1 because the ice melts 663 

faster and then by September even the thickest ice has been able to thin to about 0.5 m.  664 
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Figure A1c shows the seasonal cycle of Arctic 2-meter temperature (averaged from 665 

65°N-90°N).  CESM1 is colder than CCSM4 in the control simulation, particularly in DJF when 666 

it is about 3° colder an average. In the sea-ice albedo forcing simulations, however the two 667 

models show similar Arctic temperatures in DJF, resulting in an approximately 70% larger 668 

response in CESM than in CCSM4 (5.8°C vs 3.3°C). The larger response in the CESM Arctic 669 

temperature is consistent with the larger sea-ice response.  The Arctic surface heat flux response 670 

in the two models is shown in Figure A2, where a positive values indicate increased heat from to 671 

ocean/sea ice to the atmosphere. Both models have qualitatively similar seasonal cycles, but 672 

CESM1 generally has a larger response, consistent with the sea ice and temperature responses.  673 

In July, when the shortwave response is strongest, CESM has about 100% more shortwave 674 

absorbed at the surface (note that the shortwave response is multiplied by 0.1).  675 

 676 

 677 
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Tables 763 

 Arctic SIA  

δI (106 km2) 

0-40N SST 

δT (°C) 

δT/ δI 

Annual CESM1 RCP8.5 

forcing 

(2063:2072-2027:2036) 

-2.90 1.44 -0.495 

Annual CESM1 sea ice 

albedo forcing  

-2.94 0.358 -0.122 

DJF CESM1 RCP8.5 

forcing  

(2057:2066-2027:2036) 

-2.36 1.16 -0.494 

DJF CESM1 sea ice 

albedo forcing  

-2.28 0.360 -0.157 

Annual CCSM4 RCP8.5 

forcing (2062:2081-

2030:2049) 

-2.16 0.927 -0.429 

Annual CCSM4 sea ice 

albedo forcing  

-2.12 0.221 -0.104 

DJF CCSM4 RCP8.5 

forcing (2052:2071-

2032:2051) 

-1.25 0.558 -0.447 

DJF CCSM4 sea ice 

albedo forcing  

-1.17 0.227 -0.194 

 764 

Table 1: The change in Northern Hemisphere SIA (δI ) and SST averaged between 0° and 40° N  765 

(δT) and their ratios for the different experiments in either the annual mean or the DJF mean.    766 
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 768 
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 770 

 771 

 772 
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Figure 1.  (a) The time series for the Northern Hemisphere SIA (106 km2) for the ensemble mean 774 

of the CESM1 large ensemble (CESM LE) historical and RCP8.5 simulation (blue), the CESM1 775 

Year 2000 control simulation (red) and the sea ice albedo forcing simulation (green). (b) As in 776 

(a) but for the Northern Hemisphere average SST (°C) . (c) as in (b), but averaged only between 777 

0° and 40° N. 778 

Figure 2. Scatter of Northern Hemisphere SIA (106 km2) against  SST (°C) averaged from 0° and 779 

40° N for the annual mean (a), the SON mean (b), and the DJF mean (c). Each blue dot 780 

represents the ensemble mean from one year of the CESM1 large ensemble historical and 781 

RCP8.5 forcing simulations. The red and green dots represent the equilibrium mean year 2000 782 

control simulation and sea ice albedo forcing simulation respectively.  783 

Figure 3. (a) The annual mean zonal mean temperature response (°C) for the ensemble mean of 784 

the CESM1 RCP8.5 forcing experiment, expressed as the difference between the 2027:2036 785 

epoch and the 2063:2072 epoch. (b) As in (a), but for the CESM1 sea ice albedo forcing 786 

experiments, expressed as the difference between the sea ice albedo perturbation experiment and 787 

the Year 2000 control experiment. (c) The diagnosed zonal mean temperature response to low 788 

latitude surface warming using the decomposition, calculated using Eq. (4). (d) As in (c), but for 789 

the response to sea ice loss. Note that Panels (c) and (d) sum to Panel (a). The green lines in 790 

panels (a) and (b) show where the response is statistically significant at the 95% confidence 791 

level.   792 

Figure 4. As in Figure 3 but for DJF zonal mean temperature (°C). For (a) the response is 793 

calculated with respect to the 2027:2036 and 2057:2066 epochs.   794 
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Figure 9. As in Figure 4, but for precipitation (mm day-1). 799 

Figure 10. As in Figure 4 but for the standard deviation of the subseasonal daily 2 meter land 800 

temperatures (°C). 801 

Figure 11. As in Figure 5, but for the CCSM4 experiments. For (a) the response is calculated 802 

with respect to the 2032:2051 and 2052:2071 epochs. 803 

Figure 12. As in Figure 11, but for SLP (hPa). 804 

Figure 13. As in Figure 12, but for 2 meter land temperature (°C). 805 

Figure A1. (a) The seasonal cycle of SIA (106 km2) for the control (solid) and sea ice albedo 806 

forcing simulations(dashed) in CCSM4 (blue) and CESM1 (green). (b) As in (a) but for SIT (m).  807 

(c) as in (a) but for Arctic 2 meter temperature(°C) averaged from 65°N to 90°N. 808 

Figure A2. (a) The seasonal cycle of the sensible (blue), latent(green), longwave (red) and 809 

shortwave (cyan) heatflux (W m-2) response (sea ice albedo forcing minus control) for CCSM4. 810 

The shortwave response is multiplied by 0.1. This reproduces Figure 3a in Blackport and 811 

Kushner (2016). (b) As in (a) but for CESM1. 812 
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Figure 1.  (a) The time series for the Northern Hemisphere SIA (106 km2) for the ensemble mean 817 

of the CESM1 large ensemble (CESM LE) historical and RCP8.5 simulation (blue), the CESM1 818 

Year 2000 control simulation (red) and the sea ice albedo forcing simulation (green). (b) As in 819 

(a) but for the Northern Hemisphere average SST (°C) . (c) as in (b), but averaged only between 820 

0° and 40° N. 821 
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Figure 2. Scatter of Northern Hemisphere SIA (106 km2) against  SST (°C) averaged from 0° and 824 

40° N for the annual mean (a), the SON mean (b), and the DJF mean (c). Each blue dot 825 

represents the ensemble mean from one year of the CESM1 large ensemble historical and 826 

RCP8.5 forcing simulations. The red and green dots represent the equilibrium mean year 2000 827 

control simulation and sea ice albedo forcing simulation respectively.  828 
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Figure 3. (a) The annual mean zonal mean temperature response (°C) for the ensemble mean of 830 

the CESM1 RCP8.5 forcing experiment, expressed as the difference between the 2027:2036 831 

epoch and the 2063:2072 epoch. (b) As in (a), but for the CESM1 sea ice albedo forcing 832 

experiments, expressed as the difference between the sea ice albedo perturbation experiment and 833 

the Year 2000 control experiment. (c) The diagnosed zonal mean temperature response to low 834 

latitude surface warming using the decomposition, calculated using Eq. (4). (d) As in (c), but for 835 
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the response to sea ice loss. Note that Panels (c) and (d) sum to Panel (a). The green lines in 836 

panels (a) and (b) show where the response is statistically significant at the 95% confidence 837 

level.       838 

839 

Figure 4. As in Figure 3 but for DJF zonal mean temperature (°C). For (a) the response is 840 

calculated with respect to the 2027:2036 and 2057:2066 epochs.    841 
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Figure 5. As in Figure 4, but for the zonal mean zonal wind (m s-1).    843 
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Figure 6. As in Figure 4, but for 500 hPa geopotential height (m).   845 
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Figure 7. As in Figure 4, but for SLP (hPa).    847 
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Figure 8. As in Figure 4 but for 2 meter temperature (°C).    849 
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Figure 9. As in Figure 4, but for precipitation (mm day-1). 851 
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852 

Figure 10. As in Figure 4 but for the standard deviation of the subseasonal daily 2 meter land 853 

temperatures (°C). 854 
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855 

Figure 11. As in Figure 5, but for the CCSM4 experiments. For (a) the response is calculated 856 

with respect to the 2032:2051 and 2052:2071 epochs.857 
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Figure 12. As in Figure 11, but for SLP (hPa).   859 
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Figure 13. As in Figure 12, but for 2 meter land temperature (°C). 861 
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 862 

Figure A1. (a) The seasonal cycle of SIA (106 km2) for the control (solid) and sea ice albedo 863 

forcing simulations(dashed) in CCSM4 (blue) and CESM1 (green). (b) As in (a) but for SIT (m).  864 

(c) as in (a) but for Arctic 2 meter temperature(°C) averaged from 65°N to 90°N. 865 
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 866 

Figure A2. (a) The seasonal cycle of the sensible (blue), latent(green), longwave (red) and 867 

shortwave (cyan) heatflux (W m-2) response (sea ice albedo forcing minus control) for CCSM4. 868 

The shortwave response is multiplied by 0.1. This reproduces Figure 3a in Blackport and 869 

Kushner (2016). (b) As in (a) but for CESM1. 870 


